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Abstract:

We investigated, through hydrologic modelling, the impact of the extent and density of canopy cover on streamflow timing and
on the magnitude of peak and late summer flows in the upper Tuolumne basin (2600–4000m) of the Sierra Nevada, California,
under current and warmer temperatures. We used the Distributed Hydrology Soil Vegetation Model for the hydrologic modelling
of the basin, assuming four vegetation scenarios: current forest (partial cover, 80% density), all forest (uniform coverage, 80%
density), all barren (no forest) and thinned forest (partial cover, 40% density) for a medium-high emissions scenario causing a
3.9 �C warming over a 100-year period (2001–2100). Significant advances in streamflow timing, quantified as the centre of mass
(COM) of over 1month were projected for all vegetation scenarios. However, the COM advances faster with increased forest
coverage. For example, when forest covered the entire area, the COM occurred on average 12 days earlier compared with the
current forest coverage, with the rate of advance higher by about 0.06 days year�1 over 100 years and with peak and late summer
flows lower by about 20% and 27%, respectively. Examination of modelled changes in energy balance components at forested
and barren sites as temperatures rise indicated that increases in net longwave radiation are higher in the forest case and have a
higher contribution to melting earlier in the calendar year when shortwave radiation is a smaller fraction of the energy budget.
These increases contributed to increased midwinter melt under the forest at temperatures above freezing, causing decreases in
total accumulation and higher winter and early spring melt rates. These results highlight the importance of carefully considering
the combined impacts of changing forest cover and climate on downstream water supply and mountain ecosystems. Copyright ©
2013 John Wiley & Sons, Ltd.
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INTRODUCTION

Mean timing of snowmelt run-off has advanced by
approximately 1–3weeks in manymountainous catchments
across western North America (Regonda et al., 2005;
Stewart et al., 2005). This trend towards earlier snowmelt
and earlier streamflow timing has been attributed to the
broad-scale increase of winter and spring temperatures by
about 1–3 �C over the past 50 years (Stewart et al., 2005).
These changes appeared to be sensitive to the effects of
increased air temperature, primarily in basins below about
2500m (Regonda et al., 2005), and are expected to continue
in the future, because of anticipated climate change effects
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(Hamlet and Lettenmaier, 1999; Leung and Wigmosta,
1999; Leung et al., 2004).
In addition to climate, vegetation cover type and extent

also affect streamflow patterns (Jones and Post, 2004),
and watershed managers have options in how they choose
to manage the vegetation cover to control streamflow
patterns (Grant et al., 2008). Therefore, the role
vegetation plays in the magnitude of these changes in a
warming climate is of interest. Forests interact with snow
through altering its spatial distribution and energy
exchanges with the environment. Forests reduce ground-
level incoming shortwave radiation while increasing
longwave radiation (Hardy et al., 2004; Link et al.,
2004; Boon, 2009) and reduce turbulent energy transfer at
the snow surface (Hardy et al., 1997). The absence of
vegetation causes snow accumulation and melt rates to
increase and evapotranspiration to decrease (Whitaker
et al., 2002). Melt rates were found generally to be higher
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in barren areas than under the forest in Canada (Winkler
et al., 2005; Boon, 2009; Burles and Boon, 2011).
However, differential snowmelt rates between the barren
regions and the forest may vary with elevation. At lower
elevation (1435m), snowmelt rates in Canadian forests
were lower than in the clear-cut areas, whereas at higher
elevation (1650 and 1781m), snowmelt rates of forested
and barren areas approached equality (Whitaker et al.,
2002). At temperatures above freezing, melt rates were
higher under the forest, but at near-freezing temperatures,
melt rates in the barren areas were higher in the central
Pyrenees; these differences were attributed to increased
net longwave radiation at temperatures above 0 �C and to
the lower albedo under the forest (Lopez-Moreno and
Latron, 2008).
The effects of vegetation changes on streamflow have

long been investigated because of their economical and
ecological importance. Historically, paired watershed
experiments have evaluated forest harvesting effects on
flows typically at relatively small spatial scales of less
than 10 km2 (Hewlett, 1971; Hewlett, 1982; Robinson
et al., 2003; Andreassian, 2004; Jones and Post, 2004;
Grant et al., 2008). In general, changes in streamflow as a
result of vegetation disturbance varied with the nature of
basin, vegetation type, elevation and climate, but in most
cases, higher peak flows have been reported in the clear-
cut basins compared with control vegetated basins as a
result of vegetation removal. More recently, in addition to
paired watershed studies, hydrologic modelling has been
used as a means of identifying changes in the magnitude
and frequency of peak flows in response to vegetation
cover changes (e.g. Schnorbus and Alila, 2004; Alila
et al., 2009; Cuo et al., 2009, 2011; Kuraś et al., 2012).
Hydrologic modelling allows for comparisons of

streamflow time series generated assuming different land
cover scenarios, while maintaining the same climatic and
precipitation patterns (same model forcing data). Exam-
ples of such modelling experiments are described in
Schnorbus and Alila (2004) and Kuraś et al. (2012) on
catchments of 26 and 4.74 km2, respectively, located in
British Columbia, Canada. In these studies, partial or
total removal of forest canopies was found to increase
both the magnitude and frequency of annual peak
discharge. Use of modelling experiments has the
drawback of dealing with uncertainty in model repre-
sentation of hydrologic processes, as well as issues
related to model parameterization and the need for
reliable streamflow and distributed internal states data to
ensure that the model adequately represents the basin
hydrology (Kuraś et al., 2011). However, the modelling
approach allows for investigating hydrologic changes
determined by both land cover and climate over many
locations, periods and basin sizes (e.g. Cuo et al., 2009,
2011 on basins ranging 178–8316 km2).
Copyright © 2013 John Wiley & Sons, Ltd.
Here, we use hydrologic modelling to explore the role
of vegetation on streamflow timing and magnitude under
a warming climate for the upper Tuolumne River basin of
the Sierra Nevada, California. The regional hydrology is
very important for California water, as part of the
Tuolumne River snowmelt is stored in the downstream
Hetch Hetchy reservoir, which is a major component of
the San Francisco water supply system. The timing of
snowmelt and the amount of water available are therefore
of great interest for resource managers concerned with
hydropower production and with water supply for
agricultural, urban and industrial use. Previous studies
of Sierra Nevada basins have shown that streamflow
timing will likely occur earlier as a result of climate
change, leading to longer periods of lower flows during
the summer, when water is most needed (Maurer, 2007;
Null et al., 2010). These prolonged low flow conditions
are detrimental not only for downstream water supply but
also to the region’s mountain ecosystems (Lowry et al.,
2010, 2011). The upper Tuolumne River basin drains to
Tuolumne Meadows, which has been designated as a
place of outstanding scenic value by the National Park
Service (NPS), which requires long-term conservation
plans. Here, meadow vegetation and potential associated
restoration strategies are intimately tied to local stream
hydrographs, which in turn, are controlled by integrated
processes across their contributing watershed (Loheide
and Lundquist, 2009; Loheide et al., 2009; Lowry et al.,
2011). These issues are representative of those addressed
in mountainous basins across the western USA and
British Columbia.
In this study, we use the Distributed Hydrology Soil

Vegetation Model (DHSVM; Wigmosta et al., 1994) to
simulate historic and projected future streamflows and
additionally to explore how the vegetation cover
influences streamflow timing and magnitude. Within the
model, we create virtual experiments by specifying
different vegetation scenarios to emulate paired watershed
experiments, while applying the same future meteorology
from a medium-high emissions scenario, A2 (IPCC,
Intergovernmental Panel on Climate Change, 2001) of the
Geophysical Fluid Dynamics Laboratory (GFDL) CM2.1
model of 3.9 �C warming. These scenarios were designed
to evaluate the response of the hydrologic system to
changes in climate as a function of forest cover without
including a dynamic vegetation model or modelling
explicitly forest change across space and time. The
DHSVM explicitly models the effects of shading and
vegetation cover and has previously been applied to
evaluate effects on streamflow patterns from climate
change (Leung and Wigmosta, 1999; Battin et al., 2007;
Wiley and Palmer, 2008) and forest harvesting (Whitaker
et al., 2002; Schnorbus and Alila, 2004; Kuraś et al.,
2012). In a review of hydrologic models for applications
Hydrol. Process. (2013)
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studying forest management and climate change, the
DHSVM was identified to be the most suitable model to
address questions related to forest effects on streamflow
because of its high complexity and capability to represent
forest processes in mountainous terrain (Beckers et al.,
2009). The main purpose of this analysis is to determine
how land cover affects basin sensitivity to climate change
(i.e. is a forested basin more or less sensitive to warming
than a barren basin?).
STUDY SITE AND DATA SOURCES

The upper Tuolumne basin, located in Yosemite National
Park in the Sierra Nevada of California, is a high
elevation basin, ranging from 2600 to 4000m a.s.l.
(Figure 1). Its area of 186 km2 comprises about 16% of
the downstream Hetch Hetchy reservoir’s drainage area.
The underlying soils are thin (typically less than 1m
deep) and are derived from low permeability intrusive
rocks (granodiorite), which erode slowly and interact little
with streamflow (Huber, 1987). The basin is covered at
lower elevations by dense forest (Pinus contorta, 39% of
the total basin area) and by herbaceous meadow
vegetation (meadow, 36%) and is barren (granitic
Figure 1. Upper Tuolumne basin, Sierra Nevada, California

Copyright © 2013 John Wiley & Sons, Ltd.
bedrock, 24%) at higher elevations (Figure 1). Most of
the forest-covered areas are located below the mean
elevation of the basin (3200m) as shown in Figure 1.
High elevation, complex topography and low infiltration
make the system snowmelt dominated. The climate is
Mediterranean, with cold and wet winters and warm and
dry summers. Over 80–90% of annual precipitation
(800–1000mm) falls as snow primarily during the
winter, but there is significant seasonal and interannual
variability in precipitation (Epke et al., 2010). Middle
elevations (2100–3000m) and high elevations (above
3000m) produce 40–60% and 30–40% of the annual
snowmelt, respectively, in the larger Tuolumne basin
(Rice et al., 2011).
Streamflow data were collected as part of the Yosemite

Hydroclimate Monitoring Project beginning in August of
2001 (Lundquist et al., 2003, 2004). Stream stage was
measured with Solinst Levelogger© pressure transducers
every half-hour at the location shown as a solid triangle in
Figure 1, and both stream stage and discharge were
manually measured once a week during the summer
season. Observed stream stage time series were
transformed into streamflow using rating curves relating
water level to discharge calculated from manual mea-
surements (Rantz et al., 1982).
The 2003–2009 period used for model calibration

experienced a relatively large range of climate conditions
and hydrologic variability, which is representative of the
region. An analysis of the long-term historic streamflow
record (1916–2009) in the neighbouring Merced basin
[United States Geological Survey (USGS) gage
11264500], which has similar climate, geology and
vegetation cover as Tuolumne, showed that the 2003–2009
period encompassed conditions ranging between the ninth
percentile (2007, the driest year) and 95th percentile (2006,
the wettest year). Meteorological data were obtained from
the Dana Meadows (37.9�N, 119.3�W, 2966m) and
Tuolumne Meadows (37.6�N, 119.7�W, 2600m) snow
pillow sites (Figure 1), which are managed by the California
Department of Water Resources.
We chose the upper Tuolumne area as a case study

for this investigation because (i) it is a high-elevation
basin important for providing snowmelt water during the
critical summer low flow conditions, (ii) the basin has a
simple geology and is sensitive to changes in climate
(Maurer, 2007) and (iii) forest cover manipulation was
identified as a means to increase snow retention in
other high-elevation regions of the Sierra Nevada (e.g.
Bales et al., 2011b). Streamflow series derived from four
different vegetation scenarios and the same climate
scenario from the GFDL CM2.1 model (3.9 �C
warming) were analysed for changes in timing, peak
magnitude and frequency, and summer low flow
magnitude and frequency.
Hydrol. Process. (2013)
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HYDROLOGIC MODELLING, CLIMATE DATA AND
METHODS FOR STREAMFLOW ANALYSIS

Hydrologic model description and model set-up

The DHSVM calculates the full surface energy balance
independently at each model grid cell, including terrain
shading effects, radiation attenuation, wind modification
and snow-canopy processes (Wigmosta et al., 1994;
Storck, 2000; Storck et al., 2002). The DHSVM
represents the seasonal snowpack as a two-layer system
and solves the full surface energy balance at each time
step. The surface (top) layer actively exchanges energy
and mass with the atmosphere. The pack (bottom) layer
acts as a mass and energy reservoir and exchanges inputs
of heat and melt water with the surface layer.
Vegetation is represented in DHSVM as a two-level

coverage, with the overstory covering a specified fraction
of the pixel, typically the canopy closure, and an
understory. Interception is modelled as a function of total
snow and snow interception efficiency, until a maximum
value, defined as the maximum interception capacity of
that specific canopy type, is reached. Intercepted snow is
subject to sublimation, mass release from the canopy
(added to the ground snowpack) and melt (estimated
through an energy balance equation). Evapotranspiration
is represented by the Penman–Montieth approach
(Shuttleworth, 1992), assumed to occur at the potential
rate from wet surfaces and dependent on the soil moisture
under unsaturated conditions. Calculations of evapotrans-
piration are based on weather variables, aerodynamic
resistance (dependent on the wind velocity profile and
vegetation characteristics) and canopy resistance (depen-
dent on temperature, vapour pressure deficit, photosynthet-
ically active radiation and soil moisture). Above the
overstory, a logarithmic (flat plate boundary) wind profile
is assumed, whereas through the overstory and understory,
wind decreases exponentially until it meets a new (lower
velocity) logarithmic profile near the surface (Wigmosta
et al., 1994). TheDHSVMsimulates overlandflow and both
saturated and unsaturated subsurface flow. Streamflow is
routed through a network in which each stream section is
treated as a linear reservoir using a Muskingum–Cunge
algorithm. Model equations representing the snowpack
energy balance are given in Appendix A. Additional model
details and conceptualization of hydrologic processes and
model equations are described in Wigmosta et al. (1994,
2002) and summarized in several subsequent studies in
which the DHSVM was used (e.g. Thyer et al., 2004; Jost
et al., 2009 or Bewley et al., 2010).
For the upper Tuolumne basin, the DHSVM was run at

a 3-h time step with a 150-m grid resolution. This
resolution was chosen to best resolve the stream networks
and water transfers between grid cells, while remaining
coarse enough to maintain computational efficiency.
Copyright © 2013 John Wiley & Sons, Ltd.
Spatial inputs of elevation, vegetation, soil type and
depth, geology and terrain shading were pre-processed
from available NPS and USGS datasets. Temperature was
distributed across the basin with a constant lapse rate of
�6.5 �Ckm�1, which was the average found from a
distributed network of over 40 sensors in this region
(Lundquist and Cayan, 2007). Precipitation was distrib-
uted using relative weighting derived from maps of
monthly climate normal precipitation from the Parameter-
elevation Regressions on Independent Slopes Model
(PRISM; Daly et al., 1994, 2002, 2008). Forest coverage
(39% of the watershed area, spatial extent shown in
Figure 1) was represented as a single class (conifers,
predominantly lodgepole pine P. contorta) of uniform
80% fractional coverage (of the pixel). Vegetation
parameters have been established on the basis of data
from personal communications with park managers and
from the literature, primarily from studies that applied the
DHSVM at sites where lodgepole pine forests were
present (e.g. Thyer et al., 2004; Bewley et al., 2010).
Model parameters are given in Table A1, Appendix A.
Temperature, relative humidity, incoming shortwave

radiation and wind speed data used for calibrating the
model for years 2003–2009 were recorded at Dana
Meadows (Figure 1). Because the precipitation data
record at this station was affected by instrument failure
during 2006–2009, we used precipitation measured at
Tuolumne Meadows (Figure 1), which was scaled by a
factor of 1.3 to match the Dana Meadows records (based
on total precipitation) and to represent the different
PRISM precipitation weights between these two stations.
The factor of 1.3 matched the ratio of the two stations
during the years of overlap. The air temperature lapse rate
(�6.5 �Ckm�1) was checked through lapsing the air
temperature recorded at Tuolumne Meadows and com-
paring it with air temperature recorded at Dana Meadows.
This comparison revealed a relatively uniform scatter
around the 1 : 1 line and indicated that this lapse rate is
suitable for representing air temperature distribution
across the upper Tuolumne basin. In addition to this
comparison, and given the importance of varying
temperature with elevation, we also examined the model’s
sensitivity to constant lapse rates of�4.5 and�8.5 �Ckm�1,
relative to the base case of �6.5 �Ckm�1. Although
variations in lapse rates have been found to affect basin
hydrology in other basins (e.g. Minder et al., 2010), varying
the lapse rate had little effect on streamflow in our study
area because the overall elevation range in the basin is
relatively small and the forcing temperature (2966 m) is
located near the middle of the overall range (Figure 1).
The �8.5/�4.5 �Ckm�1 lapse rate resulted in slight
increase/decrease in late-season discharge and a shift of
�2 days in centre of mass, COM (as in Stewart et al.,
2005, the date on which fractional cumulative discharge
Hydrol. Process. (2013)



Table I. DHSVM scenarios for ΔT sensitivity tests

Scenario Vegetation cover Scenario assumption

1 All forest Historic T
2 All forest Historic T+ 3 �C
3 Barren Historic T
4 Barren Historic T+ 3 �C

VEGETATION COVER AFFECTS CLIMATE CHANGE IMPACTS ON STREAMFLOWS
reaches 50%). Therefore, we kept the lapse rate constant
at �6.5 �C km�1, which was found to represent
temperature variations with elevation for all further
simulations.
Incoming shortwave radiation was distributed using

solar geometry calculations, then corrected for terrain
shading effects using monthly maps of terrain shadowing
constructed using the solar geometry from day 15 of each
month (Wigmosta et al., 1994). Soil saturated hydraulic
conductivity values were estimated using the USDA soil
classifications (U.S. Department of Agriculture, Natural
Resources Conservation Service, 2006) and mean saturat-
ed conductivity values provided by Carsel and Parrish
(1988) for each soil class (Table A1, Appendix A). During
preliminary sensitivity tests, these were varied by one order
of magnitude (both higher and lower), but model results
were relatively insensitive to these variations. Soil depths
were checked during field visits and found to be less than
1m in most locations and less than 3m in most meadow
locations, which is consistent with reported values (U.S.
Department of Agriculture, Natural Resources Conserva-
tion Service, 2006) and those used in DHSVM (Lowry
et al., 2010). Forest parameters were set to 80% fractional
coverage, 5.0 leaf area index (LAI) and 30% radiation
attenuation (k, Equation (A5), Appendix A) based on park
vegetation surveys, discussions with park foresters and
values reported in the literature (Table A1, Appendix A).
Additional discussion of model parameter sensitivity is
provided in Appendix A.
The DHSVM has no explicit representation of either

wind-driven or gravity-driven snow redistribution pro-
cesses, which are dominant sources of spatial variability in
snow accumulation in mountain basins, and show a strong
spatial linkage to terrain features. Each of these processes
tends to deposit snow in topographically concave loca-
tions, at the head of cirques and in the lee of terrain barriers.
The wind speed measured at the weather station was used
at all grid cells, a simplifying assumption that obviates the
computational cost of a dynamical wind model. The data
and methods needed to distribute wind speed across the
basin (see, e.g. Liston and Elder, 2006; Winstral et al.,
2002; Winstral et al., 2009) are beyond the scope of this
work and represent a potential future improvement. The
Tuolumne Basin is a maritime snowpack, where falling
snow is wetter and denser than that in continental regions
where most snow redistribution studies have taken place.
Therefore, snow deposition is assumed to be more a
function of precipitation intensity (accounted for here by
PRISM maps) and not a function of wind redistribution.
Annual average measured wind speeds are relatively small,
less than 1.5m s�1. Marks and Dozier (1992) found that in
the Sierra Nevada, sublimation and evaporation can
account for a reduction of up to 20% of the snow mass;
however, they note that energy from net radiation was five
Copyright © 2013 John Wiley & Sons, Ltd.
to ten times greater than all other forms of heat transfer
combined. Thus, it is reasonable for this application to give
radiation distribution a higher priority and to assume the
station wind measurements are homogenous over the
domain.
The stream network was developed from a hydrolog-

ically conditioned 150-m digital elevation model (DEM);
small (1–3m) adjustments to individual elevation pixels
were made to force the derived stream network to match
the NPS stream map, which was developed from site
surveys. These adjustments were necessary because some
streams in the area are routed via incised bedrock
channels that are not represented on a 150-m DEM.
Modelled streamflow was routed at each time step using
the stream channel network, with each stream section
treated as a linear reservoir. Water also entered the
channel via overland flow and saturated subsurface flow
in the soil layers. Because the majority of the basin is
made up of intrusive igneous granodiorite, modelled
influences from deep groundwater were negligible.

Climate data and model scenarios

To explore potential changes in the basin hydrology as
a result of increasing temperature and as a function of
vegetation cover, we performed two types of simulations.
First, we ran model sensitivity tests to changes in
temperature (ΔT tests) on the historical record and then
we used long-term climate data (2001–2100, 3.9 �C
warming) based on output from Geophysical Fluid
Dynamics Laboratory (GFDL) CM2.1 model (Delworth
et al., 2006; Knutson et al., 2006; Stouffer et al., 2006).
For the ΔT sensitivity tests, we considered the two
extreme vegetation scenarios, forest and barren, for the
historic 2003–2009 period. The temperature was raised
by ΔT= 3 �C in the forcing dataset, and the results were
compared with the simulations run using the historic
meteorology. This ΔT was chosen to represent the
approximate temperature increase by the last decades of
the century in the GFDL scenario. The purpose of running
the ΔT sensitivity tests (model scenarios 1–4, Table I) was
to allow comparisons of the energy balance components,
snow water equivalent (SWE) and streamflow between
forested and barren cases for the historic temperature T and
Hydrol. Process. (2013)



Figure 2. a) Mean annual temperatures and b) total annual precipitation
for the climate simulation period 2001–2100

Table II. DHSVM vegetation scenarios for the A2 GFDL climate
data

Vegetation cover Scenario assumption

Current forest Distributed forest ( on 39%of the basin surface,
extent shown in Figure 1), 80% fractional
coverage over each forested pixel

All forest Uniform forest cover, 80% fractional
coverage over each pixel

Barren Barren
Thinned Distributed forest (on 39% of the basin

surface, extent shown in Figure 1), 40%
fractional coverage over each forested pixel

N. C. CRISTEA ET AL.
increased, historic T+ 3 �C forcing data, while holding all
other variables (e.g. precipitation) constant.
The climate scenario is a medium-high emissions

scenario (A2) from the GFDL model (3.9 �C warming)
that assumes emissions increase continuously to near
30Gt yr�1 by 2100 (IPCC, Intergovernmental Panel on
Climate Change, 2001). This scenario was chosen to be
compatible with other climate impacts studies in the
region and was identified as appropriately representing
plausible future conditions in California (e.g. Maurer,
2007; Cayan et al., 2008). We initially considered a range
of four climate scenarios based on the Parallel Climate
Model (PCM; Washington et al., 2000; Meehl et al.,
2003) and GFDL CM2.1 models’ output for both B1 and
A2 IPCC scenarios for a range of projected temperature
increases ranging from 1.7 (PCM B1) to 3.9 �C (GFDL
A2) following Cayan et al. (2008). Although exact
numbers vary, the qualitative nature of the impacts was
the same across scenarios. For clarity, we chose the A2
GFDL scenario to illustrate the findings for this study.
Downscaled climate data for the A2 GFDL scenario for

the 2001–2100 period (daily minimum and maximum
temperature and daily precipitation) were retrieved from
http://tenaya.ucsd.edu/wawona-m/downscaled, where a
data collection representing future climate scenarios was
made available as part of USGS Computational Assess-
ments Scenarios of Change for the Delta Ecosystems
project. The downscaling procedure of transforming the
coarse resolution information from the A2 GFDL model
(2.5� � 2.5�) to a finer resolution (1/8� � 1/8�) followed
the method of constructed analogues described in Hidalgo
et al. (2008).
For the Tuolumne area, the 1/8� cell closest to the Dana

Meadows station was selected for the climate data.
Because a difference of about 140m existed between the
mean elevation of this cell and the Dana Meadows
elevation, we bias-corrected the projected climate dataset
for differences in temperature and precipitation. Monthly
biases in air temperature and precipitation were estimated
on the basis of the climate model output averaged over
the 1971–2000 historic period and PRISM averages for
the same period. Air temperature was corrected using
these monthly biases, and precipitation was scaled by a
factor of 1.2 (the mean 1971–2000 bias) for the entire
2001–2100 period. The total projected annual precipitation
and annual average temperature for the climate change
scenario are shown in Figure 2. Although there was no
quantified trend in precipitation, the last two decades were
drier than the average, with total average precipitation about
8% less than during the historic period and a significant
increase in air temperature of about 3.9 �C by the end of the
century (Figure 2).
Once the climate input data were established, we set up

DHSVM to simulate streamflows for the 2001–2100
Copyright © 2013 John Wiley & Sons, Ltd.
period assuming four different vegetation scenarios: (1)
current forest, spatially distributed on the extent shown in
Figure 1, as the base case; (2) entire basin covered by
forest; (3) entire basin is barren and (4) current forest
extent, but fractional coverage is reduced, presumably as
a result of thinning or controlled fire. The four vegetation
scenarios are summarized in Table II. These scenarios
were considered to explore the basin sensitivity to climate
warming as a function of forest cover extent and density
to address the question of whether a more forested basin
is more or less sensitive than a less forested basin to
changes in climate. Currently, the DHSVM lacks the
capability to incorporate forest growth and mortality in a
dynamic manner. For all of these runs, we used the
DHSVM set-up for the calibration period, in which we
only changed the extent and fractional cover, keeping the
remaining forest parameters constant, with climate
forcing for the years 2001–2100.

Methods to analyse changes in streamflow patterns

Changes in streamflow patterns were evaluated using
the COM (as in Stewart et al., 2005) and monthly
Hydrol. Process. (2013)
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fractional flows (MFF), the ratio of flow volume in each
month to the total flow volume of the water year. To test
for existence of trends in the COM and MFF time series,
we applied the Mann–Kendall test (Mann, 1945; Kendall,
1975; Helsel and Hirsch, 2002), a robust nonparametric
test for trend, in which the null hypothesis assumed that
COM and MFF are independent random variables (no
trend). Prior to assigning the trend, we tested if the
presence of autocorrelation in the time series was
affecting the significance of the trend with algorithms
provided in Yue et al. (2002). Because the Mann–Kendall
test detects only the existence and direction of a trend, it
was used in conjunction with Theil–Sen or Sen’s slope
estimator (Theil, 1950a, b, c; Sen, 1968), which
quantified the magnitude of the linear trend (applied in
Lettenmaier et al., 1994; Yue and Hashino, 2003). All
trends are reported for 5% significance level.
To test whether the COM time series for the four

vegetation scenarios are stochastically different (do not
follow the same distribution), we used the nonparametric
Mann–Whitney U-test (Mann and Whitney, 1947), also
known as the Wilcoxon rank-sum test Wilcoxon (1945),
for equality of the medians. The test has no underlying
distribution of the data, and the null hypothesis assumes
that any two COM series are drawn from the same
distribution. The purpose of this test is to assess the
uncertainty in the projected COM series for the four
vegetation scenarios and to assign statistical confidence if
the difference between scenarios is significant.
The changes in summer flows are important for

meadow ecology and for estimating the water volumes
that are to be distributed downstream for water supply.
We used the Mann–Kendall trend tests to determine if
trends exist in the lowest 7-day average low flows during
the July to August period. Because the climate data are
nonstationary, the typical probability distribution fitting
technique to examine changes in frequency (e.g.
Schnorbus and Alila, 2004; Kuraś et al., 2012) is not
suitable, as the probability of occurrence of extreme
events may change in time (Wigley, 2009). Instead, we
used the simple discharge threshold technique (e.g. Tague
et al., 2008) to illustrate the differences in frequency of
occurrence of low flows between the model scenarios, in
which for each scenario, a relative frequency is calculated
as the number of years in which the lowest 7-day average
low flow is less than a threshold value, divided by the
total number of years.
RESULTS

Model evaluation for the historic period 2003–2009

The DHSVM performance for the 2003–2009 period
was evaluated through comparing the modelled and
Copyright © 2013 John Wiley & Sons, Ltd.
observed hydrographs (Figure 3a, b) and SWE at the
two snow pillow locations in the basin, Dana Meadows
and Tuolumne Meadows, for the available record
(Figure 3c,d). The Nash–Sutcliffe efficiency, NSE (Nash
and Sutcliffe, 1970), and sum of the error squared (R2)
model evaluation criteria for the hydrograph (daily time
step) were both equal to 0.87, indicating a good
performance of the model to capture patterns of the
observed hydrograph. Other classifications of NSE are
more restrictive, such as that of James and Burges (1982)
who suggest an NSE in excess of 0.95 as a very good
performance. Errors are due to both model uncertainty and
uncertainty in rating curve extrapolation at high flows. The
modelwas able to represent the snowaccumulation andmelt
for a range of climate conditions at the two snow pillow
sites, DanaMeadows and TuolumneMeadows, as shown in
Figure 3c,d. The missing SWE observations in Figure 3c,d
were due to instrument failure. A comprehensive discussion
of the multiple factors affecting SWE observations beyond
instrument failure is given in Johnson and Schaefer (2002).
Special consideration was given to representing the

hydrograph recession limbs and the late summer low flows.
Because summer precipitation is low (only 3%of the annual
total during July to August period for 2003–2009), most of
the summer flow results from high-elevation melt.
Figure 3c,d shows that snow is disappearing at Dana
Meadows (2966m) around mid-June and at Tuolumne
Meadows (2600m) at the end of May, with an average
difference of about 2weeks. This difference is consistent
with observations by Rice et al. (2011) that for elevations
between 1800 and 3900m, for each successively higher
300m elevation band, snow disappeared 2–3weeks later
than the 300-m band below it.
Simulated changes in streamflow timing and magnitude as
a function of vegetation cover in a warming climate

Temperature sensitivity tests. To explore the differences
in hydrograph characteristics and SWE, as well as the
changes in the energy balance components at forested and
barren sites when temperature increases, we analysed the
model output using the sensitivity tests described in the
Climate Data and Model Scenarios Section. These tests
were run for the calibration period 2003–2009, from which
we extracted the 1 October 2003 to 1 October 2004 period
(water year 2004) to illustrate the results. The 2003–2009
period included a range of conditions (Figure 3). Although
water year 2004 was an average year, it was found
representative for the types of changes seen in both wet
and dry years. In the first set of tests (scenarios 1–4, Table I),
in both temperature cases, historic T and historic T+3 �C,
the forest COM occurred earlier than the barren COM, with
decreased peak hydrographs (Figure 4a,c). In the case of the
higher temperature, this difference was larger, increasing
Hydrol. Process. (2013)



Figure 3. DHSVM calibration: a) simulated and observed daily hydrographs, b) hydrograph residuals, c) and d) simulated and observed SWE at Dana
Meadows and Tuolumne Meadows sites, respectively. Horizontal dotted lines represent a visual reference level at 5m3 s�1 for the hydrograph residuals
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from 9 to 14 days. Winter temperatures exceeded 0 �Cmore
frequently in the increased temperature scenario (Figure 4f,
region C), generating snowmelt run-off (Figure 4a,
region A). These midwinter peaks are more pronounced in
the case of the forest (Figure 4a, regionA) than in the case of
barren (Figure 4c region B), because of increases in net
longwave radiation, as further discussed in this section.
Midwinter melt was not apparent in any of the historic T
tests (Figure 4a,c).
The differences in streamflow timing depend on the

snow accumulation and melt dynamics in the barren areas
and under the forest. The simulated SWE at the flat Dana
Meadows location (Figure 4b, d) shows that accumulation
is higher when trees are not present because of the lack of
canopy interception. Although snow accumulation on
bare ground is similar in both temperature scenarios,
during the melt period, the higher air temperature melts
the snow earlier (Figure 4d), leading to earlier streamflow
timing (Figure 4c). Higher air temperatures produced
more winter melt than in the forest case (A in Figure 4a)
than in the barren case (B in Figure 4c). The snow
accumulation under the forest was therefore lower under
warmer (+3 �C) temperatures than under historic temper-
atures (Figure 4b) because of winter melt events
Copyright © 2013 John Wiley & Sons, Ltd.
(Figure 4a,b). This thinner forest snowpack melted earlier
than the barren snowpack in the increased temperature
scenario (vertical line in Figure 4b,d). Forest evapotrans-
piration increased only 3% with temperature (Figure 4e);
therefore, the changes in the forest hydrographs were
mostly driven by the changes in snowmelt due to
temperature increases.
Increases in temperature increase the energy balance

components both in the barren areas and under the forest.
Figure 5a–d shows the monthly energy balance components
of the snowpack (estimated by summing the 3-hourly time
series generated by the model described in Appendix A) for
water year 2004 at Dana Meadows for the two vegetation
scenarios. The absolute magnitudes of net shortwave and
net longwave radiation were consistently larger for the
barren scenario (Figure 5b,d) than the forest scenario
(Figure 5a,c), but the net increases in the combined fluxes
were larger for the forest case (Figure 5e) than the barren
case (Figure 5f) for all months except May, June and July.
Time series of turbulent fluxes, latent and sensible heat,
were higher in the barren than in the forest case, but
variations around zero causedmonthly values to be small for
all scenarios. For the forest case, the net longwave radiation
increases most, followed by increases in latent heat flux and
Hydrol. Process. (2013)



Figure 4. a) Simulated daily hydrographs assuming historic and increased air temperatures (+3 �C) for uniform forest scenario and for b) barren scenario;
c) and d) SWE levels for the same scenarios at Dana Meadows, respectively; e) forest cumulative actual evapotranspiration; f) historic and increased air
temperature daily time series. Vertical lines identify COM for each hydrograph. All plots are shown for water year 2004. Horizontal (a, c) and vertical (b,

d) continuous lines are reference thresholds. Circled regions A and B are periods of midwinter melt
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sensible heat flux, and in March and April, increases in net
shortwave radiation (Figure 5e). The model simulated
changes in shortwave radiation (Figure 5e,f) because the
albedo algorithm is based on the simulated snow surface
temperature (Equations (A6) and (A7), Appendix A), which
was higher in the increased temperature scenario.
These changes are most evident in the spring and

summer, although the smaller winter increases were
enough to cause December and January melting in the
+3 �C forest scenario when no melt occurred in those
months during the base case run (Figures 4 and 6).
Increases in energy balance components were larger in
the forest case than the barren case in March, primarily
because of greater increases in net longwave radiation
(Figure 5e,f). Although the monthly melt rates were still
higher in the barren case during March and April for both
the base case and warmer scenarios (Figure 6), the
combination of interception (a thinner initial snowpack,
Figure 4b), midwinter melt (Figure 4a) and greater
Copyright © 2013 John Wiley & Sons, Ltd.
increases in melt rates in December, January and March
(Figure 6b, c) led to the snowpack under the forest
melting earlier than the snowpack on the bare ground in
the +3 �C scenario.

Climate change scenario. The ΔT sensitivity tests
helped identify the changes in the hydrograph and energy
balance components when temperature alone is increas-
ing. Using a long-term (2001–2100) climate change
scenario in which both temperature and precipitation
change in concert, we tested if the patterns were robust in
a projected future scenario for the Tuolumne region. All
DHSVM climate vegetation runs assumed the same future
scenario derived from the GFDL global climate model A2
warming scenario, as previously described. The COM
corresponding to the current vegetation scenario advanced
by approximately 40 days, with an estimated Sen’s slope of
about 0.4 days year�1 (Figure 7a,b). The trends of earlier,
simulated COMwere found to be statistically significant for
Hydrol. Process. (2013)



Figure 5. Monthly simulated energy balance components at Dana Meadows using historic temperature for a) forest coverage and for b) barren coverage;
monthly energy balance components using a 3 �C increase in temperature for c) forest and for d) barren; monthly differences in energy balance

components between the two temperature scenarios for e) forest and for f) barren. Note that the x-axis in e and f is different from a–d
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all vegetation scenarios, using theMann–Kendall tests at the
95% confidence level. COM advances exceeded 1month in
all vegetation scenarios (Figure 7a). Figure 7b shows Sen’s
slopes magnitudes representing the rates of COM displace-
ment, which correspond from highest to lowest to all forest,
current forest, thinned and barren, respectively.
Wilcoxon rank-sum tests on the COM vegetation time

series indicated pairwise differences in the medians
between the current forest, all forest and barren scenarios,
respectively, showing that these COM series are stochas-
tically different at a 95% confidence level (Figure 7c,d).
However, no significant difference was found between
the current forest and the thinned forest and between
the barren and thinned forest scenarios, respectively
(Figure 7c,d).
Vegetation cover affects not only timing but also the

streamflow magnitude. This is illustrated in Figure 8a–d
that shows the 20-year average monthly hydrographs
during the 2001–2100 simulation period for the four
vegetation scenarios. In the all forest scenario (Figure 8b),
the hydrograph peak was smaller than in both the current
vegetation (Figure 8a) and all barren (Figure 8c)
scenarios, as there were increased losses to interception,
Copyright © 2013 John Wiley & Sons, Ltd.
sublimation and evapotranspiration. This effect is consis-
tent with observations both from paired watershed and
from modelling studies (e.g. Jones and Post, 2004;
Schnorbus and Alila, 2004). Modelled differences in
peak flows in DHSVM are mostly explained by the
interception effects (e.g. Whitaker et al., 2002).
The largest monthly flows of the year (May to July)

were on average about 20% smaller in the all forest
scenario (Figure 8b) compared with the base case current
vegetation (Figure 8a) scenario, whereas barren (Figure 8c)
and thinned (Figure 8d) forest flows were both on average
higher (19% and 13%, respectively) than the base case
vegetation scenario (Figure 8a), over all periods simulated.
However, early spring (March to April) flows were
consistently the largest in the all forest (Figure 8b) scenario,
resulting in earlier COM timing. Late-winter and early
spring flows (January to March) were higher by 30–40% in
the all forest (Figure 8b) scenario and lower by about 24%
over the same period in the all barren (Figure 8c) scenario
compared with the current vegetation (Figure 8a) scenario.
Peak summer flows decreased with increasing temperature
over the 100-year simulation period by about 22%, 27%,
16% and 18% for the current forest, all forest, barren and
Hydrol. Process. (2013)



Figure 6. a) Monthly melt rates at Dana Meadows using historic and increased temperature for forest and for barren scenarios, b) difference in monthly melt
rates using historic and increased temperature for forest, c) difference in monthly melt rates using historic and increased temperature for barren surface

VEGETATION COVER AFFECTS CLIMATE CHANGE IMPACTS ON STREAMFLOWS
thinned forest scenarios, respectively. These larger differ-
ences are also due to the lower precipitation during the last
20 years of the series (Figure 2b).
Changes in the hydrograph were determined by the

trends in MFFs shown in Figure 8e along with the 95%
confidence intervals for the slope. Trends are significant if
the 95% confidence intervals do not intersect the zero
line. The steepest trends for all vegetation scenarios were
in May (increases in MFF) and July (decreases in MFF),
whereas during the fall months (October, November and
December), there were no significant trends. The winter
to spring MFF trends (January through April) are
significantly steeper in the all forest scenario than in the
all barren scenario (Figure 8e). This effect is also
illustrated by the ΔT sensitivity runs (Figure 4a,b), where
the COM advanced at a higher rate in the all forest
scenario, determining the steeper trends in winter MFFs
shown in Figure 8e. Thus, when the forest is present,
there is an increased tendency for midwinter melt than
under barren conditions. This difference is driven by the
trends in the energy balance components. For example,
trend tests at the flat Dana Meadows location for forest
and barren, the two extreme cases, showed that the
temperature-dependent components such as the monthly
latent heat, sensible heat and net radiation (for functional
forms, see Appendix A) have positive trends for under the
Copyright © 2013 John Wiley & Sons, Ltd.
forest, compared with no trends or negative trends in the
barren case during the January to April period.
The earlier snowmelt led to lower summer flows in all

vegetation scenarios, with the most significant change
occurring in July (Figure 8a–d). Thus, the Mann–Kendall
tests showed significant declining trends over the 100-year
period in the 7-day average lowest flows for the July to
August period. Barren conditions were likely to provide the
highest summer flows, followed by thinned, current forest
and all forest conditions (Figure 9a,b). The all forest
scenario had the highest frequency of 7-day low flows
below 2.0m3 s�1, followed by current forest, thinned and
barren (Figure 9c). The fixed threshold value used to
calculate the relative frequencies was 2.0m3 s�1, the
average summer (July to August) lowest flows in the
current forest scenario for the entire climate model period
(Figure 9a,b). Compared with this value, the same average
lowest flows for barren and thinned are 23% and 9% higher,
whereas for all forest, is 27% lower.
DISCUSSION

The most important changes in projected streamflow
patterns for the current forest cover in the upper
Tuolumne basin in the Sierra Nevada Mountains were
shifts to earlier snowmelt due to increased temperature,
Hydrol. Process. (2013)



Figure 7. a) Centre of mass, COM, for the four vegetation scenarios, b) Sen’s slope of COM change, c) boxplots of the COM series, and d) diagram
showing results from the Wilcoxon rank-sum test for the medians between combinations of any two COM series of the four vegetation scenarios:
0 indicates that the null hypothesis that the two COM series are drawn from the same distribution cannot be rejected at the 95% confidence level, and 1

indicates a rejection of the null hypothesis
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with higher winter flows and reduced peak and late
summer flows. Similar hydrologic changes in response to
climate warming were found at a lower elevation in the
Tuolumne basin based on hydrologic simulations
encompassing a much larger drainage area (3970 km2),
stretching over 1600m elevation range (Maurer, 2007).
The idealized modelling experiments explored in this
study showed that forest plays an important role in the
rate of streamflow advances to earlier dates in response to
climate warming. Thus, a less vegetated basin was able to
maintain a thicker and colder snowpack that melted later
in the season.
Under barren conditions, the modelled accumulation

was higher by about 10–30%, than under the forest,
mostly as a result of the lack of canopy interception. This
range is consistent with field measurements in lodgepole
pine (P. contorta) stands that have shown that snow
accumulation in the barren areas can be 10–40% higher
than under the forest and as high as 80–85% in some
Copyright © 2013 John Wiley & Sons, Ltd.
locations (summary from Table II in Murray and Buttle,
2003). With increasing temperature, the modelled differ-
ence in accumulation tended to widen with temperature as
a result of increasing midwinter melt, and it was more
pronounced at lower elevations (Figure A1b,d,f,h).
Modelled melt rates were higher in the barren areas

than under the forest during the spring–summer melting
period (Figure 6), but the thinner snowpack under the
trees melted earlier, especially at lower elevations
(Figures 4b,d and A1b,d,f,h). In a different modelling
experiment, Strasser et al. (2011) showed that snow
disappearing earlier under the forest or in the barren areas
may depend on the snowpack thickness. At the flat Dana
Meadows and Tuolumne Meadows locations, modelled
snow disappeared earlier under forested conditions during
average years (e.g. 2004, Figures 4b,d and A1b,d,f,h) and
also during dry and wet years of the 2003–2009 period
(figures not shown). This under the forest melting pattern
was robust despite uncertain forest parameterization, as
Hydrol. Process. (2013)



Figure 8. a) Twenty-year average monthly hydrographs for current forest, b) all forest, c) barren and d) thinned forest scenarios, respectively; e) Sen’s
slope for monthly fractional flows for the entire 2001–2100 simulation period
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shown in Appendix A, Figure A1b,d,f,h. Midwinter melt
(both rate and volume) was higher when the snowpack
under the forest was thinner. Figure 6b,c shows that in
contrast to the warm period (May and July), during the
cold period (October and January) under the influence of
higher winter temperatures, melt rates have a more
significant increase under the forest. Midwinter melt
was most evident during December and January, when for
historic temperatures, there was little to no melt in both
forested and barren cases, but when temperatures were
increased above 0 �C values for several days, melt
occurred under the forest (Figure 6a).
Slope, aspect, wind and elevation all play important

roles in the snow accumulation and melt patterns. For
example, on the south-facing slopes, the snow melted
faster in the barren areas than under the forest, whereas on
the north-facing slopes, the snow melted faster under the
Copyright © 2013 John Wiley & Sons, Ltd.
forest in an eastern Canadian Rocky Mountain basin
(Ellis et al., 2011). The upper Tuolumne basin has both
north-facing and south-facing slopes, but the north-facing
slopes are predominant. Most of the currently nonforested
regions are north facing, topographically shaded (Figure 1).
Our simulations showed that the overall effect of the
increase in the net longwave radiation with increases in air
temperature was to melt the snow under the forest faster.
The increased midwinter melt under warming temperatures
illustrated in Figures 4a,b and 6 determined earlier snow
disappearance dates at forested sites (Figure 4b) than at
barren sites (Figure 4d) at flat locations. Because of the
additional snow depth variability with local topography and
wind, these snowmelt patterns may not occur similarly at all
sites. However, the overall response of the basin was to
provide higher and later peak spring flows and higher late
summer flows when assuming reduced forest coverage. The
Hydrol. Process. (2013)



Figure 9. a) Lowest 7-day average low flow during July to August each year for the four vegetation scenarios, b) duration curves for the July to August
7-day average lowest flows, and c) relative frequencies, as the number of years in each the lowest 7-day average was below a threshold value (2m3 s�1)

divided by the total number of years
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role of wind distribution likely would increase with the
removal of all forest cover. One hydrologic effect could be
an increase in the heteorogeneity of snow accumulation,
which would lead to longer-lasting late-season streamflow
as noted in Reynold’s Creek by Luce et al. (1998). This
effect would thus also support our conclusion of more late-
summer streamflow under reduced forest cover, but precise
quantification of the role of wind redistribution is beyond
the scope of our current study.
Field studies also reported that melt rates during the

spring were generally higher in the barren regions or in
clear-cut areas than under the forest (Murray and Buttle,
2003; Boon, 2009; Burles and Boon, 2011; Winkler,
2011), but the date of snow disappearance was found to
vary as a function of location, aspect, snowpack thickness
and canopy density. For example, snow cover loss
occurred earlier by several days in a damaged forest or
a clear-cut than in a mature forest in the interior of British
Columbia, Canada (Boon, 2009; Burles and Boon, 2011;
Winkler, 2011), whereas in central Ontario, for the same
slope aspect, the snow disappeared simultaneously in the
Copyright © 2013 John Wiley & Sons, Ltd.
barren areas and under the forest (Murray and Buttle,
2003). These sites were located in a colder climate than
the Tuolumne site, with lower chances of midwinter melt
events.
Although there is significant spatial variability, as

discussed earlier, reported field measurements in the
Sierra Nevada Mountains indicate that snow in this region
generally disappeared earlier or at about the same time
under the forest than in the barren areas (Kittredge, 1953;
Lundquist and Lott, 2008; Bales et al., 2011a; Kerkez
et al., 2012). Early historical observations from the 1930s
and 1940s in the Central Sierra showed that snow
disappeared earlier in regions with lower percentages of
canopy cover (figure shown on p. 54, Kittredge, 1953).
Spring (after March 9) melt rates were higher in the open
than under the forest, but winter (before March 9) melt
rates were higher under the forest for several years and
most forest types (Table 28, Kittredge, 1953). DHSVM
SWE simulations in the Tuolumne area showed that at the
two snow pillow locations, the snow cover loss occurred
earlier under the forest than in the barren areas (Figures 4b,d
Hydrol. Process. (2013)
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and A1b,d,f,h). This effect is more pronounced with
increasing temperatures and midwinter melt events. Recent
areal imagery taken in mid-June of 2011 north of the
Tuolumne area (38�4805600, 120�0603500) exemplifies these
findings (Figure A2). This image shows the snow
disappearing first around the trunks of the trees, where melt
rates have been found to be higher (Pomeroy et al., 2009;
Veatch et al., 2009). Additional observational evidence of
where and analysis of why snow lasts longer under forest
cover versus in the barren areas remains a topic for future
investigation.
The dynamics of snowmelt change with increasing

temperature in both barren and forested scenarios. Field
and modelling studies have found that incoming short-
wave radiation and turbulent fluxes were higher in the
barren regions than under the forest (Hardy et al., 1997;
Link and Marks, 1999a, b; Sicart et al., 2004; Boon,
2009). Ablation in the barren areas is controlled by the
shortwave radiation, whereas net longwave radiation has
a smaller contribution to melting (Boon, 2009). In contrast,
under the forest, longwave radiation has a higher contribu-
tion to melting (Boon, 2009; Burles and Boon, 2011). In the
Tuolumne area, model temperature sensitivity tests showed
that increases in temperature determined increases in both
the net longwave radiation and turbulent fluxes under the
forest that are higher than the increases in the barren areas.
These changes triggered higher melt rates under the forest,
causing even earlier snow disappearance dates and
exacerbating the effects of climate change in terms of
streamflow timing advancing towards earlier dates. Tem-
perature increases had a modest effect (3%) on simulated
forest evapotranspiration in this area. This effect is similar to
findings of Safeeq and Fares (2011) who reported small
increases of modelled DHSVM evapotranspiration with
temperature alone (0.5% and 2% for a temperature increase
of 1.1 and 6.4 �C).
Uncertainties in our upper Tuolumne simulations fall

into three general categories, related to (i) the trend of
future carbon emissions, (ii) the climate model output and
downscaling procedures and (iii) the hydrologic model.
Current observations suggest that the A2 emissions
scenario may be a conservative estimate of temperature
change given current global trends in CO2 (Manning
et al., 2010) and that the large-scale temperature increases
may be even larger than those considered in this study.
There is recognized uncertainty about the GCMs’ ability
to predict changes in large-scale weather patterns,
particularly as they relate to precipitation (e.g. Dai,
2006; Maraun et al., 2010). This uncertainty from the
GCMs may be larger than the uncertainty from the
hydrologic models (Teng et al., 2012), which primarily
stems from the hydrologic model structure and model
parameterization. In the Tuolumne area, the model tests
showed that even when considering a relatively large
Copyright © 2013 John Wiley & Sons, Ltd.
uncertainty in forest parameterization, the model simu-
lated snow disappearing faster under the forest than in the
barren regions, with this effect enhanced at higher
temperatures. We have only investigated these changes
with one model, which has structural model uncertainty
(see discussion in Clark et al., 2008) and for one climate
model and for one basin. The most important finding of
this study is that combined forest-change and tempera-
ture-change effects on streamflow are not linear and are
not negligible and therefore should be considered in
future research. This is a complicated topic that will
require multiple models, multiple forest types and
multiple watersheds across different climate regions to
fully address. Therefore, a full evaluation of the
uncertainty associated with our modelled scenarios is
beyond the scope of this study.
Management decisions in snowmelt-dominated areas

such as Tuolumne Meadows, which are dependent on
streamflow timing and magnitude for ecological purposes,
can expect differing sensitivities to vegetation cover in a
warming climate. The upper Tuolumne area is in
Yosemite National Park, where timber is not harvested.
However, results from the virtual experiments evaluated
in this study can be useful to other regional basins where
forest management actions are considered for summer
flow augmentation. For example, Bales et al. (2011b)
investigated forest management actions that can increase
summer water yield on the west-side of the Sierra Nevada
at 1500–3600m elevation and suggested that canopy
reduction through forest thinning has the potential to
improve snow retention and increase streamflows.
Preliminary results indicated that a reduction in forest
cover by about 40% could increase the water yield by
about 9% (Bales et al., 2011b). These estimations are in
agreement with the results from this study and the
earlier findings of Kittredge (1953). Model simulations
performed in the upper Tuolumne for the thinned forest
scenario, in which the canopy cover is reduced to 50% of
the current levels, showed similar ranges: increases in the
peak and late summer flows by about 13% and 9%,
respectively.
The results presented here emphasize the importance of

understanding the combined effects of temperature and
vegetation on snowmelt and streamflows. These complex
relationships depend on the geographic location, elevation
and site conditions. Although in general more snow
accumulates in the gaps than under the forest (see also
reviews in Ellis et al., 2013; Varhola et al., 2010), the
melt dynamics may differ between open and forest areas
such that the date of the year where the snow first
disappears, in the open or under the forest, varies as
function of climate and local topography (Ellis et al.,
2013). In the high elevations of the Sierra Nevada, snow
generally persists longer in the open than under the forest
Hydrol. Process. (2013)
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in many areas also because the region’s precipitation falls
primarily as snow during the winter, leaving little
opportunity for the spring snowfall to compensate for the
midwinter melt caused by increasing temperatures. The
overall effects of elevation, topography and precipitation
patterns on the variable snow disappearance dates as a
function of forest density in the Sierra Nevada are very well
illustrated by the data collection of Kittredge (1953).
Using modelling experiments, Strasser et al. (2011)

also showed that snowmelt in the open areas and under
the forest depends on snowfall patterns. They indicated
that midwinter melt can occur under the forest when little
snow was available to melt, with snow persisting longer
in the open areas than under the forest, especially on
north-facing slopes. When more snow was available on
the ground, snow disappeared earlier in the open areas.
Differences in snow persistence duration between the
forested and open areas were largest for the south-facing
slopes. These variable effects were mediated by the
variable contribution of the shortwave and longwave
radiation to melting as a function of slope, time of the
year and snow depth. In this study, we showed that in the
early winter months, forest snowmelt may occur because
of increased contribution of longwave radiation. Because
of its dependence on temperature, longwave radiation is
expected to play an increasing role in snowmelt dynamics
under the forest, as temperatures warm.
Given the large variability in snowmelt at the hillslope

scale, the overall effects of different forest covers on
streamflows can be evaluated at the basin scale through
distributed hydrologic modelling. Here, we exemplified
the use of such a model for evaluating the role of
vegetation cover on streamflow timing and magnitude in
the context of climate change for the case study of the
upper Tuolumne basin in the Sierra Nevada Mountains. In
this system, less vegetation increases snow retention,
leading to increases in spring and summer flows, which
could improve downstream water supplies and meadow
ecosystems. Although forest is not harvested in this area,
controlled burned or insect-infested forest areas may
increase snow retention in the future. In addition to flow
augmentation, thinner forests may also reduce fire risks,
which are becoming higher with increasing temperatures
(Graham et al., 2004). Thus, the interactions presented
here are key issues to consider in managing the entire
integrated mountain ecosystem.
SUMMARY AND CONCLUSIONS

The amount of snowmelt water in the streams and the
streamflow timing are important for the montane ecosys-
tems and for downstream water supply. In this study, we
investigated, through hydrologic model simulations, the
role of the vegetation cover in the rate of changes in
Copyright © 2013 John Wiley & Sons, Ltd.
streamflow patterns in the upper Tuolumne River basin in
the Sierra Nevada Mountains when temperatures rise. We
employed four different vegetation scenarios: current forest,
forest on the entire basin, barren and thinned forest for a
3.9 �C warming scenario. We also used sensitivity tests to
evaluate changes in modelled energy balance components
as a result of increasing temperatures and to assess the
uncertainty in model forest parameterization.
We found that in the current forest cover scenario,

warming temperatures caused earlier snowmelt timing,
with increased midwinter melt and decreased peak and
late summer flows. These effects were greater when forest
was assumed to cover the entire basin area. Thus, the
COM, the date on which fractional cumulative discharge
reaches 50%, occurred earlier in the season by about
12 days on average, and the rate of its advancing was
higher by about 0.06 days year�1 than for the current
forest scenario over the 100-year period, with increased
volume of midwinter melt and lower peak and late
summer flows.
In contrast, a less vegetated basin maintains a thicker

snowpack that disappears later in the season, increasing
peak and late summer flows and delaying streamflow
timing. Modelled accumulation was lower under the
forest than in the barren areas because of interception and
midwinter melt. Melt rates were higher in the barren
regions than under the forest, but the thinner snowpack
under the forest disappeared earlier. Both melt rates in the
barren areas and under the forest increase with increasing
temperatures. The magnitudes of these effects depend on
the slope orientation. Maximizing snowpack retention has
the potential to decrease the rate of streamflow timing
advancing to earlier dates and to increase summer flows.
Temperature-controlled energy balance components

(longwave radiation and turbulent fluxes) increased more
under the forest than in the barren regions in a warming
climate. These changes increase melt rates and midwinter
melt. Longwave radiation has a higher fractional
contribution to melting in early spring when shortwave
radiation is lower. In a warmer climate, the forests melted
the snow faster because of increases in net longwave
radiation that are more significant at temperatures higher
than 0 �C.
Understanding forest hydrologic processes in the context

of climate change is important for identifying system
sensitivity as a function of forest cover when temperatures
rise. Using the upper Tuolumne basin as a case study, we
found that there is a combined effect of both temperature
and vegetation on streamflows. In the Tuoulmne area, less
canopy cover increased snow retention, delayed streamflow
timing and increased peak and late summer flows. Both
observational and modelling studies in other regions of the
world are needed to provide additional insights about the
snow–vegetation interactions in other climatic conditions,
Hydrol. Process. (2013)
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topographies and vegetation cover, andwith different model
structures and conceptualizations.
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APPENDIX A: A1. DESCRIPTION OF SNOWPACK
ENERGY BALANCE

The snow pack energy balance equation and its
components are described in Wigmosta et al. (1994).
The snowpack energy balance equation implemented in
DHSVM is based on the following formulation:

csSWE
dT s

dt
¼ Rns þ Qs þ Ql þ Qp þ Qm (A1)

where cs is the ice-specific heat, SWE is the snowpack
water equivalent, Ts is the temperature of the snowpack, t
is time, Rns is the net radiation, Qs is the sensible heat, Ql

is the gained latent heat from condensation or lost to
sublimation, Qp is the advected heat to the snowpack
from rainfall and Qm is the internal latent heat gained
from refreezing of liquid water for Ts below 0 �C or lost
by melting for Ts above 0 �C. Equation (A1) is solved
through a finite difference scheme. If Ts reaches 0 �C
during the computational time step, Qm is the melt energy
calculated as follows:

Qm ¼ Rns þ Qs þ Ql þ Qp þ csSWE�Tt
s (A2)

where Tt
s is the snowpack temperature at the beginning

of the time step t.
Net radiation Rns is composed of the net shortwave

radiation Rss and the net longwave radiation Rls:

Rns ¼ Rss þ Rls (A3)

The amount of shortwave radiation Rss at the snow
surface is estimated on the basis of the total amount of
incident solar radiation Rs and the filtering effects from
the canopy as

Rss ¼ Rs 1� asð Þ toF þ 1� Fð Þð Þ (A4)

where as is the snow reflection coefficient (albedo), F is
the forest fractional cover and to is the fraction of Rs

transmitted by the overstory canopy, calculated on the
basis of a form of Beer’s law as

to ¼ exp �kLAIoð Þ (A5)

where k is canopy attenuation coefficient and LAIo is the
overstory LAI.
In the absence of site-specific albedo data, the curves

modelling albedo in the Tuolumne area were parameter-
ized identically for both barren and forested areas.
Separate decay functions were used for below and above
freezing conditions, driven by the simulated surface
Copyright © 2013 John Wiley & Sons, Ltd.
temperature Tss, with albedo decreasing more rapidly
during melting, based on the following equations:

Forest Subfreezing :

as ¼ a0*0:92 dð Þ0:58 ; minimum 0:7; Tss < 0 �C
(A6)

Forest Melting :

as ¼ a0*0:87 dð Þ0:46 ; minimum 0:5; T ss > 0 �C
(A7)

where a0 is set to 0.85, the albedo of fresh snow, d is the
number of days since the last snowfall.
The net longwave radiation Rls is estimated as follows:

Rls ¼ LoF þ Ld 1� Fð Þð Þ � Ls (A8)

in which Ld is incoming longwave radiation, L0 is the
upward overstory longwave radiation flux and Ls is the
upward longwave radiation from the snow surface. Both
L0 and Ls are given by similar expressions of the
following form:

Lo ¼ s T0 þ 273ð Þ4 and Ls ¼ s T s þ 273ð Þ4 (A9)

in which T0 is the overstory temperature and s is the
Stefan–Boltzman constant.
The sensible heat flux Qs is estimated as follows:

Qs ¼
rcp Ta � T sð Þ

ras
(A10)

where r is the density of air, cp is the specific heat of air,
Ta is the air temperature and ras is the surface resistance
corrected for atmospheric stability and vegetation effects.
The latent heat term Qe in the energy balance equation

is given by the following:

Qe ¼
lir 0:622

Pa

� �
e Tað Þ � es Tsð Þð Þ
ras

(A11)

in which li represents either the latent heat of
vapourization during melting conditions or the latent heat
of fusion during freezing conditions, Pa is the atmospheric
pressure, and e and es are the vapour pressures at Ta and
Ts, respectively.
Qp, the advected heat to the snowpack from rainfall, is

Qp ¼ rwcwTp Prð Þ (A12)

where rw is the density of water, cw is the specific heat of
water, Tp is the temperature of precipitation, assumed
equal to the air temperature Ta, and Pr is precipitation as
rain.
Hydrol. Process. (2013)
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Finally, the internal latent heat gained from melting or
refreezing for snow surface temperatures different than
0 �C is calculated as follows:

Qm ¼ lirwM (A13)

where M is the depth of snowmelt (negative flux) or the
volume of refrozen liquid water (positive flux).
DHSVM code, additional documentation and pre-

processing and post-processing tools are available to
download at http://www.hydro.washington.edu/
Lettenmaier/Models/DHSVM/index.shtml
References listed in Table A1 are as follows: R1: NPS

vegetation survey data; R2: Thyer et al. (2004); R3:
Table A1. DHSVM parameters used for t

Forest parameters
Overstory vegetation height (m)
Understory vegetation height (m)
Overstory fractional coverage (%)
Understory fractional coverage (%)
Overstory leaf area index, LAI (�)
Understory leaf area index, LAI (�)
Radiation attenuation
Maximum snow interception capacity (m SWE)
Snow interception efficiency (�)
Mass release drip ratio
Minimum melt needed for mass release (m SWE)
Snow mass release/drip ratio (�)
LAI multiplier for rain (m)
LAI multiplier for snow (m)
Aerodynamic attenuation coefficient
Maximum stomatal resistance (sm�1) overstory
Maximum stomatal resistance (sm�1) understory
Minimum stomatal resistance (sm�1) overstory
Minimum stomatal resistance (sm�1) understory
Vapour pressure deficit causing stomatal closure overstory (Pa)
Vapour pressure deficit causing stomatal closure understory (Pa)
Moisture threshold below which transpiration is restricted overstory
Moisture threshold below which transpiration is restricted understor
Albedo
Overstory root fractions in soil layers 1–3
Understory root fractions in soil layers 1–3
Soil parameters
Sand
Lateral saturated hydraulic conductivity Klat (m s�1), porosity (�)
Loamy sand
Lateral saturated hydraulic conductivity Klat (m s�1), porosity (�)
Sandy loam
Lateral saturated hydraulic conductivity Klat (m s�1), porosity (�)
Bedrock
Lateral saturated hydraulic conductivity Klat (m s�1), porosity (�)
Other parameters
Snow roughness (m)
Minimum air temperature for snow (�C)
Minimum air temperature for rain(�C)

Copyright © 2013 John Wiley & Sons, Ltd.
Storck (2000); R4: Whitaker et al. (2003), R5: Bewley
et al. (2010), R6: Zhao et al. (2009), R7: ranges provided
in Carsel and Parrish (1988) based on USDA soil
classifications (USDA NRCS 2006), R8: Andreadis
et al. (2009); and R9: Lundquist et al. (2008).
A2. DHSVM MODEL SET-UP AND SENSITIVITY
TESTS

Radiation attenuation by the canopy was a sensitive
parameter influencing the modelled timing of streamflow.
Parameterizations of the albedo curves, also part of the
shortwave radiation model (Equations (A6) and (A7),
he upper Tuolumne area, Sierra Nevada

Value References

13.6 R1
0.5 R1

80 R1
80 R1
5.0 R1
3.0 R1
0.3 R2
0.02 R2
0.6 R3
0.4 R3
0.002 R3
0.4 R3
0.0001 R4
0.005 R5
2.0 R4

5000 R6
3000 R6
650 R6
200 R6
4000 R2
4000 R2

(�) 0.33 R4
y (�) 0.13 R4

0.2 R6
0.2; 0.4; 0.4; R6
0.4; 0.6; 0.0; R6

8.2e�5; 0.43 R7

4.05e�5; 0.42 R7

1.3e�5; 0.4 R7

1.0e�8; 0.4 R7

0.01 R8
3.0 R9
0.0 R9
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Appendix A), were found in other studies to influence
the modelled SWE under the forest (Thyer et al., 2004;
Jost et al., 2009; Bewley et al., 2010). However,
albedo observations under the forest canopy were not
available in the Tuolumne basin; therefore, model
default albedo functions were used in model simula-
tions (Equations (A6) and (A7), Appendix A). The
remaining final DHSVM calibration parameters are
listed in Table A1.
Daily climate data were disaggregated into 3-hourly

values using the existing pre-processing tools accompa-
nying DHSVM, in which few adjustments were made
specific to this project. Within these algorithms, the
following assumptions were included. Precipitation was
distributed uniformly throughout the day. Diurnal tem-
perature variations were established on the basis of the
daily extremes from the climate data and the site location
for estimating the approximate times of the day when
these extremes are likely to occur. The daily minimum
and maximum temperatures were then interpolated for
3-hourly variations using hermite polynomials. The
maximum relative humidity was assumed to occur at the
minimum air temperature, which was taken equal to the
dew point temperature. Diurnal relative humidity fluctu-
ations were then established on the basis of the ratios of
vapour pressures at a given temperature during the day
and the vapour pressure at the minimum temperature
based on a model by Running et al. (1987). The 3-hourly
solar radiation series was generated using an algorithm
proposed by Bristow and Campbell (1984), which was
calibrated to best match the hourly rates recorded at Dana
Meadows during the 2003–2009 period. Incoming
longwave radiation was generated using the Idso (1981)
method. For each day of the year, the 3-hourly wind speed
values were assumed to be equal to the daily average wind
speed recorded at Dana Meadows during the 2003–2009
period. The 2001–2003 period was used for spin-up
simulations.
We assessed the uncertainty of the most sensitive

forest parameters and their effects on model response
when temperature increases. These additional tests were
considered because direct measurements of snow under
the forest were not available for the 2003–2009
calibration period, and therefore, direct comparisons
of the simulated and observed SWE under the forest
were not possible. However, the forest effects at the
basin scale were explicitly taken into account through
distributed modelling and canopy parameterization, as
described in the Hydrologic Model Description and
Model Set-up Section, and through model calibration
on the streamflow data as the model integrated
response. Alila and Beckers (2001) identified the most
sensitive forest parameters for snow accumulation and
melt in DHSVM as the fractional cover (F), LAI,
Copyright © 2013 John Wiley & Sons, Ltd.
radiation attenuation (k) and wind (aerodynamic)
attenuation (a).
During preliminary runs, we tested k, LAI and a for the

historic 2003–2009 meteorology. The base parameters
were k = 0.3, LAI = 5.0 and a = 2.0, respectively
established during calibration (Appendix A, Table A1).
These values were varied sequentially from k = 0.1 to
k= 0.5 (for k), LAI = 3.0 to LAI = 7.0 (for LAI), and
a= 1.0 to a = 3.0 (for a), while holding all the remaining
parameters constant. These tested parameters influenced
the simulated SWE more significantly during the melt
season than during the accumulation season, with patterns
of SWE sensitivity similar to those shown in Figure 4 in
Alila and Beckers, 2001. Fractional cover was not part
of these preliminary tests, as its sensitivity was
previously considered within the vegetation scenarios
in the climate change model runs (Table II). Because
SWE during the melt period was most sensitive to the
radiation attenuation k, we chose this parameter to
further illustrate the uncertainty in forest parameteriza-
tion in the historic T and historic T+ 3 �C temperature
scenarios. The calibration k was set to 0.3, correspond-
ing to a value of to, the fraction of incoming solar
radiation Rs transmitted by the canopy (Equation (A5),
Appendix A), of 0.22. The k value was subsequently
ranged from 0.1 (to = 0.60) to 0.5 (to = 0.08), the same
levels of sensitivity used in Alila and Beckers (2001)
(scenarios 1–4, TableA2).
The results from this sensitivity analysis are illustrated

in Figure A1b,d,f,h that show the simulated SWE at Dana
Meadows (Figure 10b,d) and Tuolumne Meadows
(Figure 10f,h) as a result of varying k, the radiation
attenuation coefficient, corresponding to fractions trans-
mitted of 0.60 (k= 0.1), 0.22 (k= 0.3, calibration value)
and 0.08 (k = 0.5) for the two temperature scenarios.
Examination of Figure 10b,d,f,h leads to two observa-
tions: (i) the snowpack under the forest melted earlier in
the increased temperature scenario than the snowpack on
bare ground even considering the relatively large
uncertainty in shortwave radiation parameterization
(Figure 10d,h) and (ii) the sensitivity of simulated SWE
to k during the melting season decreases when temper-
ature increases (Figure 10b,d,f,h). This effect is more
apparent at the lower elevation snow pillow site,
Tuolumne Meadows, than at the higher elevation site,
Dana Meadows (Figure 10d,h). The variations in k were
also reflected in the simulated hydrograph (Figure 10a,c,
e,g). Assuming k = 0.3 (calibration value), in the historic
T scenario, the forest COM occurred 9 days earlier than
the barren COM (Figure 10a). This difference increased
to 26 days for k = 0.1, whereas for k= 0.5, the forest
COM occurred 12 days later than the barren COM
(Figure 10a,c). In the increased temperature scenario,
forest COM occurred earlier than barren COM by 32
Hydrol. Process. (2013)



Figure A1. a), c), e), g) Simulated daily hydrographs assuming historic and increased air temperatures for barren scenario and for uniform forest scenario
with variable radiation attenuation parameter k; b), d), f), h) SWE levels for the same scenarios at Dana Meadows and Tuolumne Meadows locations.

Vertical lines identify COM for each hydrograph. All plots are shown for water year 2004

Figure A2. Google Earth 6.2.image (June 14, 2011) approximately
124.2 km from the Tuolumne Meadows in the Sierra Nevada centred at
38�4805600N, 120�0603500W and 2158m elevation, showing snow lasting
longer in the barren areas than under the forest. Available through http://

www.google.com/earth/index.html [Accessed June 2012]
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Copyright © 2013 John Wiley & Sons, Ltd.
(k= 0.1), 14 (k= 0.3) and 3 days (k = 0.5), respectively.
Figure A2 shows a snow-covered landscape in the
spring of 2011 in the Sierra Nevada north of the
Tuolumne area (38�4805600, 120�0603500). The snow
under the forest has largely disappeared, whereas snow
remains in the barren areas.
Table A2. DHSVM scenarios for radiation attenuation sensitivity
tests

Scenario Vegetation cover Scenario assumption

1 Current forest k= 0.1 (to = 0.60), historic T
2 Current forest k= 0.5 (to = 0.08), historic T
3 Current forest k= 0.1 (to = 0.60), historic T+ 3�C
4 Current forest k= 0.5 (to = 0.08), historic T+ 3�C
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